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Abstract 
We have developed a predictive model for hydrogen-isotope shifts during degassing of 
basaltic-andesitic magma that takes the variation of water species with water content and 
temperature into account. OH* (water dissolved as hydroxyl) is the dominant dissolved water 
species for the range of naturally observed magmatic water contents (0-8 wt.%) and 
temperatures (>800°C), and increases in importance with higher temperatures and lower water 
contents. We used our hydrogen fractionation model and published experimental data to derive 
values for hydrogen isotope fractionation factors between melt and H2O vapor of 103 ln αOH* 
= 34.9 + 16.7×106/T 2 for OH* and 103 ln αH2O* = -30.3 + 16.7×10
6/T 2 for H2O* (water 
dissolved as molecular water). A value of zero for the latter, as was assumed in some recent 
and earlier studies, is incompatible with our model results. As a consequence of the 
progressively increasing OH*/H2O* ratio in the melt during degassing, the bulk hydrogen 
fractionation factor also increases continuously. In contrast, the influence of temperature on the 
bulk fractionation factor ∆Dvapor-melt is relatively small. 
We applied the hydrogen fractionation model to thirty subaerial lavas of basaltic 
composition from eight volcanoes located in the Indonesian arc system. All samples are 
extensively degassed, as average contents of residual water in the melt are only ~0.15 wt.%. 
Whole-rock δD values range from -109‰ to -57‰ VSMOW (average = -89‰). Oxygen 
isotope compositions of the same samples range from +5.3‰ to +6.7‰ VSMOW and are close 
to MORB values, indicating that crustal contamination or post-eruptive weathering was 
insignificant. Hydrogen isotopes fractionated markedly during degassing, and our data agree 
best with dominantly closed-system exsolution of magmatic water during magma ascent and 
storage, followed by syn-eruptive open-system degassing at depths of less than a few hundred 
meters. Magmatic water was derived from a mantle source with a typical D-enriched arc 
isotopic signature. Within-suite systematics suggest variations in initial δD and δ18O values for 
some volcanic centers. 
 
Keywords: hydrogen isotopes, degassing, arc volcanism, Indonesia 
 3 
1. Introduction 
Hydrogen isotope compositions of igneous rocks and fluids have been used to explore 
sources of magmatic water, the water cycle in subduction zones, the degassing history of lavas, 
and fluid-rock interaction  (e.g., Kyser and O’Neill, 1984; Poreda, 1985; Taylor, 1986; 
Giggenbach, 1992; Nadeau et al., 1993; Pineau et al., 1999; Shaw et al., 2008). A key aspect in 
studies of magmatic systems is the extent to which primary isotopic characteristics are 
influenced by fractionation during degassing. Previous work on degassing has focused mainly 
on rocks of dacitic to rhyolitic composition (e.g., Taylor et al., 1983; Newman et al., 1988; 
Wilding et al., 1993; Kusakabe et al., 1999), whereas only few studies have addressed the 
hydrogen isotope systematics of basaltic and andesitic rocks, particularly in arc settings (e.g., 
Taran et al., 1997; Pineau et al., 1999; Shaw et al., 2008). Insights into the degassing history of 
basaltic magmas is of particular importance to research on eruptive products that concentrates 
on petrogenetic processes affecting magma sources in the mantle wherein volatiles are 
involved. 
Here we present new hydrogen isotope data, supported by oxygen isotope results, on mafic 
rocks from active volcanoes in Indonesia. In order to interpret the isotopic signatures, hydrogen 
fractionation during volatile exsolution must be accounted for, as the samples represent 
advanced stages of degassing. Hydrogen isotope fractionation between magma and exsolved 
vapor is not constant but depends on the water content of the melt (Taylor, 1986; Pineau et al., 
1998), which changes progressively during degassing of a magma batch in response to 
depressurization and crystallization. Currently, no model is available that takes shifting 
fractionation factors during degassing into account. Also, uncertainty about fractionation 
factors still exists (e.g., Shaw et al., 2008). To accommodate the need for an improved 
hydrogen fraction model, we combine published experimental bulk vapor-melt fractionation 
factors with published water speciation models to calibrate an internally consistent model that 
predicts vapor-melt fractionation factors for basaltic to basaltic andesite magma as a function 
of water content and temperature. The hydrogen-isotope degassing model is used to determine 
degassing characteristics of subduction-related basaltic volcanism in Indonesia and to pose 
constraints on the sources of magmatic water.  
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2. Hydrogen isotope-fractionation during degassing 
The relative amounts of dissolved molecular and hydroxyl water in silicate melts vary with 
total water concentration, temperature and probably melt composition (e.g., Stolper, 1982a, b, 
1989; Silver and Stolper, 1989; Silver et al., 1990; Ihinger et al., 1999), and fractionation 
factors depend on temperature and melt composition (Taylor, 1986; Dobson et al., 1989). 
Therefore, the systematics of hydrogen isotope fractionation during degassing of magmas are 
not straightforward and have commonly been approximated by a constant value in the 
literature. Vapor-melt fractionation factors have been determined for siliceous melts in a 
number of experiments (e.g., Kuroda et al., 1982; Taylor and Westrich, 1985; Dobson et al., 
1989), but very few studies involved magmas of basaltic or andesitic composition (Pineau et 
al., 1998). Precise modeling of the hydrogen isotope shift during degassing requires further 
integration of both water speciation and hydrogen fractionation data. Current data on water 
speciation and hydrogen isotope fractionation can be used to develop an integrated isotopic 
degassing model for magmas of basaltic to andesitic composition as a function of total water 
content and temperature. 
2.1. Isotopic composition and speciation of water in silicate melts 
Water dissolves in silicate melts as molecular water (referred to as H2O*) and hydroxyl 
(referred to as OH*) groups (Stolper, 1982b), which have different isotopic compositions. The 
bulk hydrogen isotope composition1 of the melt can be expressed by: 
δDH2O  dissolved = YH2O* × δDH2O* + [1-YH2O*] × δDOH* [1] 
where YH2O* is the fraction of total dissolved water present as molecular water in the melt 
(Taylor, 1986). δDi is the hydrogen isotope composition of each component i.  
Similarly, the bulk hydrogen isotope fractionation between water vapor (H2O) and melt 
(∆Dvapor-melt) is a function of the relative amounts of hydroxyl and molecular water in the melt 
and the fractionation factor relative to H2O vapor for each species:  
                                                 
1 δD = [ ( (D/H)sample / (D/H)standard ) -1 ] × 103 permil 
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∆Dvapor-melt = YH2O* × ∆Dvapor-H2O* + [1-YH2O*] × ∆Dvapor-OH* [2] 
where ∆Dvapor-melt = δDvapor – δDmelt, ∆Dvapor-H2O* = δDvapor – δDH2O*, and ∆Dvapor-OH* = 
δDvapor – δDOH* (Holloway and Blank, 1994).  
2.2. Water dissolution model 
Early water-solubility models assumed that water dissolves solely as hydroxyl (OH*) 
species in silicate melts, but spectroscopic measurements have shown that molecular water 
(H2O*) is present at higher dissolved water content (see Stolper, 1982b, for an overview). The 
solubility mechanism of water in silicate melts is still debated (e.g., Zeng et al., 2000; Schmidt 
et al., 2000), mainly because the determination of water species is hampered by experimental 
and analytical difficulties. Early water speciation measurements were conducted on quenched 
soda-lime glasses that were assumed to represent water speciation in melts (Stolper, 1982a, 
1989; Silver and Stolper, 1989; Silver et al., 1990). However, the relaxation of water species is 
faster than quench rates, thus the water speciation observed in glasses represents conditions at 
the glass-transition temperature (Tg; Dingwell and Webb, 1990) and early speciation results are 
now deemed inaccurate (Zhang et al., 1995). Subsequent in-situ measurements on hydrous 
melts (Nowak and Behrens, 1995; Shen and Keppler, 1995) showed much higher fractions of 
OH* at high temperature compared to earlier studies on quenched glass. However, quenched-
glass experiments shown to be unaffected by re-equilibration of water speciation suggested 
calibration difficulties of IR spectroscopy signals from in-situ experiments (Ihinger et al., 
1999). More recent work shows that, with careful calibration, consistent results can be obtained 
from both in-situ and quenched glass methods, the latter being more precise (Withers et al., 
1999; Behrens and Nowak, 2003; Liu et al., 2004; Hui et al., 2008).  
2.2.1. Water speciation and water concentration 
Water dissolves in silicate melt as OH* and H2O* species; the latter becomes increasingly 
important above 0.2 wt.% dissolved water and dominates water speciation above a few weight 
percent dissolved water (Stolper, 1982b; Zhang, 1999). The equilibrium constant of a 
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(simplified) water-melt solution reaction, H2O*(melt) + O(melt) = 2OH*(melt), can be 
expressed as:  
K = (XOH*)
2 / (XH2O* × XO) [3] 
where XOH*, XH2O* and XO refer, respectively, to the mole fraction of hydroxyl groups, 
molecular water and bridging oxygens in the melt (Stolper, 1982b). The total water content at 
which H2O* becomes dominant over OH* is temperature dependent. Ihinger et al. (1999) 
calibrated the temperature dependence of the equilibrium constant K in rhyolite glasses as: 
ln K = 1.89 ± 0.05 – 
T
403120 ±  [4] 
with T in Kelvin. In most natural systems (>750°C, <7 wt.% H2O) OH* is the dominant 
species. K is independent of the amount of dissolved water because the model assumes ideal 
mixing between water and melt. In reality, K will vary with water concentration and can be 
approximated by a regular solution model (Stolper, 1989; Ihinger et al., 1999), which requires 
iterative methods to calculate water speciation from total water content and temperature. 
However, Zhang et al. (1997) and Ihinger et al. (1999)showed water speciation in rhyolitic 
melts to be approximately ideal at total water contents at least up to 2.4 wt.%. Model 
calculations show that deviations from ideal mixing become increasingly less important at 
temperatures and water contents applicable to degassing of basaltic and andesitic magmas (Fig. 
1). Therefore, we use ideal mixing of dissolved water species in our hydrogen fractionation 
model (Section 2.4.). 
A small pressure dependence of water speciation in rhyolites has recently been 
demonstrated by Hui et al. (2008) at pressure over 1 GPa, but since magmatic degassing occurs 
at lower pressures this will be ignored in our hydrogen isotope fractionation model.  
2.2.2. Compositional dependence 
Water speciation studies have mostly been applied to silica-rich systems (e.g., Ihinger et 
al., 1999; Nowak and Behrens, 1995; Shen and Keppler, 1995; Liu et al., 2004). Only limited 
reliable data are available for andesitic and basaltic compositions (Ohlhorst et al., 2001; 
Botcharnikov et al., 2006), so composition dependence of water speciation is a field that needs 
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further study. Ihinger et al. (1999) reported a slight compositional dependence for water 
speciation; haplogranitic melts showed OH enrichments of 5-10% relative to concentrations in 
rhyolite. Recently, Botcharnikov et al. (2006) concluded that water speciation changes little 
from andesite to rhyolite. They derive a relationship for ln K in andesitic melts that leads to a 
higher amount of OH* for a given water content than the equation of Ihinger et al. (1999). It is 
unclear whether this is a compositional effect, as the results by Botcharnikov et al. (2006) are 
about an order of magnitude less precise than those of Ihinger et al. (1999). In the absence of 
conclusive evidence that would allow a robust quantification of compositional effects, our 
hydrogen fractionation model assumes that water speciation in basaltic melts can be 
approximated by that in rhyolitic melts (Eq. 4). Our model can easily be adapted if more 
conclusive data on water speciation in basaltic melts becomes available. 
2.3. Vapor-melt fractionation factors 
2.3.1. Temperature dependence  
Fractionation factors and their temperature dependence for hydrogen isotopes have been 
determined for various hydrous minerals (summarized in Taylor, 1986). Relatively few data on 
fractionation in the system silicate melt-aqueous fluid have been published, mainly due to 
experimental difficulties (Dobson et al., 1989). Bulk fractionation factors α 2 were found to be 
1.020-1.024 at 950°C and 2.3-3.0 wt.% H2O in rhyolite melt (Taylor and Westrich, 1985). 
Richet et al. (1986) found α=1.025 for sodium aluminosilicate melt at temperatures between 
870 and 1250ºC at 2 kbar (~5.4 wt. H2O), but reported hydrogen loss in the vessel. Dobson et 
al. (1989) determined fractionation factors of rhyolitic and feldspathic glasses with very low 
water contents (<0.2 wt.%) in which nearly all dissolved water is present as hydroxyl (OH*). 
Vapor-OH* fractionation factors decrease from 1.051 to 1.040 for rhyolitic glass and from 
1.049 to 1.035 for feldspathic glass as temperature increases from 530 to 750ºC. The 
temperature dependence can be described by:  
                                                 
2 αv-m = (δv +1000) / (δm +1000) and ∆Dv-m = δv - δm = (αv-m –1) / (δm +1000) ≈ 103 ln αv-m 
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103 ln αvapor-OH* = a + b/T
2 [5]  
where T is expressed in Kelvin, and a and b are constants to be determined for the system of 
interest (Dobson et al., 1989). Differences in a between rhyolitic obsidian (a ≈ 23) and 
feldspathic glass (a ≈ 15) indicate that the fractionation factor varies with glass composition. 
However, the temperature dependence b is rather constant for a given composition, resulting in 
approximately parallel lines when 103 ln α is plotted against T -2 (Dobson et al., 1989) (Fig. 2). 
Given the lack of experimental data in basaltic and andesitic systems, we assume in our model 
that the temperature dependence of fractionation factors is similar to that inferred for rhyolites.  
2.3.2. Compositional dependence 
To determine a for basaltic-andesitic systems, we need to know the vapor-OH* 
fractionation factor (αvapor-OH*) at given temperature. Using a value of 39.3‰ for ∆D vapor-melt 
determined on a submarine glassy lava with 0.5 wt.% dissolved water (Pineau et al., 1998), we 
derive a value of 103 ln αvapor-OH* = 42.2‰ at 1250°C, after correction for a small amount of 
molecular water (0.02 wt.%). As mentioned above, the temperature dependence of 103 ln 
αvapor-OH* is unknown, but as obsidian and hydrous minerals show nearly parallel trends in 103 
ln α - 1/T space, we infer that the trend for basaltic melt is probably close to rhyolitic melt. 
Combining the value of 103 ln αvapor-OH* at 1250°C with the slope of the rhyolite fractionation 
line, we derive the following equation for the hydrogen isotope fractionation between vapor 
and OH* in basaltic-andesitic melt: 
103 ln αvapor-OH* = 35.0 + 16.7×10
6/T 2  [6] 
with T in Kelvin (Fig. 2).  
2.3.3. Variation with water content 
According to D/H fractionation experiments in basaltic andesite at 1250°C, the bulk 
fractionation factor (∆Dvapor-melt) decreases from 32‰ to 20‰ for 0.5 to 3 kbar, equivalent to 
a total water content of 2.3 and 7.0 wt.%, respectively (Pineau et al., 1998). This change 
reflects a shift in water speciation, i.e., an increase in H2O* at the expense of OH* with 
increasing water content. It has been suggested that αvapor-H2O* is close to unity, as there will 
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be only little difference in the chemical affinity of molecular water in the melt and water vapor 
(Taylor, 1986; Dobson et al., 1989), and this rationale has been adopted in recent literature 
(Shaw et al., 2008). Using αvapor-OH* = 1.043 (from 103 ln αvapor-OH* = 42.1‰), assuming 
αvapor-H2O* = 1, and calculating water speciation from Eq. 4 at 1250°C, we can determine the 
relation between the bulk fractionation factor αvapor-melt and total dissolved water by 
substituting these values in Eq. 2. However, using this value for αvapor-H2O* our model (Fig. 3) 
predicts a much smaller decrease of ∆Dvapor-melt with increasing water content than indicated 
by data from Pineau et al. (1998). This discrepancy suggests that either (1) the assumption 
αvapor-H2O* = 1 is invalid; or (2) the water speciation model overestimates the amount of 
hydroxyl groups in the melt. Recent studies of water speciation (Nowak and Behrens, 2001; 
Botcharnikov et al., 2006) predicts values of OH* that are not significantly different than the 
model of Ihinger et al. (1999), and it is therefore unlikely that the model significantly 
overestimates the amount of OH*. We also observe that varying the value for K in the ideal 
mixing model (Eq. 4), which would correspond to a compositional dependence of water 
speciation, does not reproduce the curve from Pineau et al. (1998). Therefore, we follow the 
suggestion of Pineau et al. (1998) that the fractionation factor for molecular water in basaltic 
andesite deviates from unity.  
A study by Newman et al. (1988) refers to a value of αvapor-H2O* = 0.9857 (and αvapor-OH* = 
1.052) in their degassing model of Mono Craters obsidians (California, USA), but the authors 
do not provide a rationale for the choice of these values. Pineau et al. (1998) determined a 
value of 1.016 for the fractionation factor at infinite water concentration (when H2O* >> OH*) 
by inferring a linear correlation between ∆Dvapor-melt and 1/√(H2Ototal). However, our model 
predicts that this relationship is non-linear, a feature that can also be observed in the 
experimental D/H fractionation data of Pineau et al. (1998), although it was obscured by data 
from natural basalt and phonolite samples the authors included.  
Therefore, we performed a best-fit calculation to determine values of αvapor-OH* and 
αvapor-H2O* using the water speciation model described in Eq. 4 at 1250°C, the experimental 
data of Pineau et al. (1998), and Eq.2. Values of αvapor-H2O* = 0.9775 and αvapor-OH* = 1.0431 
at 1250°C combine to comprise a bulk fractionation factor that is in good agreement with the 
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results of Pineau et al. (1998) (Fig. 3). Analogous to αvapor-OH*, the temperature dependence 
of αvapor-H2O* can be expressed as: 
103 ln αvapor-H2O* = -29.9 + 16.7 × 10
6 /T 2 [7] 
Interestingly, the difference between 103 ln αvapor-OH* and 103 ln αvapor-H2O* in rhyolite (65.1; 
Newman et al., 1988) is nearly the same as the difference in our values (64.9), which suggests 
that this difference is relatively insensitive to variations in magma composition. Hence, bulk 
fractionation factors determined at low water contents (<0.2 wt.%, containing exclusively OH*) 
may be used to approximate 103 ln αvapor-H2O* for any magma composition with the 
expression: 
103 ln αvapor-H2O* = 10
3 ln αvapor-OH* – 65 [8] 
2.3.4. Pressure dependence  
From theoretical considerations it can be predicted that mineral-vapor fractionation will be 
pressure dependent, being most pronounced near the critical temperature of water at 376°C 
(Driesner, 1997). Experiments have demonstrated that D/H fractionation between water and 
brucite increases linearly by 12.4‰ as vapor density increases from 0.07 to 1.035 g/cm3 at 
380°C (Horita et al., 1999). However, such pressure effects are probably negligible at the high 
temperatures prevailing in magmatic systems (Driesner, 1997), apart from for the obvious 
effect on water solubility that leads to vapor-melt saturation and degassing. We wish to point 
out that our model is independent of water solubility models as it relates the hydrogen isotope 
fractionation factor to the water content of the melt, not to pressure. It is therefore also 
independent of the fluid composition, as a reduced water activity in the fluid will not change 
water speciation or isotopic composition of the melt in equilibrium with that fluid.  
2.4. Hydrogen isotope fractionation model 
2.4.1. Bulk fractionation factor 
The bulk fractionation factor can be calculated for given temperature, water concentration 
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of the melt and melt bulk composition. First, the water concentration is expressed in mole 
fractions on a single oxygen basis (following Silver et al., 1990):   
OOHOH
OH
w MCC
C
X
/)100(015.18/
015.18/
22
2
−+
=   [9] 
where CH2O is the total water concentration in the melt and MO = 100/ ( )∑
i
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(cf. Eq. 3; after Stolper, 1982b). XOH* can be solved for given T: 
XOH* = a
acbb
2
42 −−−  [11] 
with a = K/4 – 1, b = –K/2, c = K×(Xw – Xw2) and ln K = 1.89 – T
3120 (cf. Eq. 4; after Ihinger et 
al., 1999). 
Bulk hydrogen isotope fractionation between melt and vapor can now be calculated for given 
water content and temperature by rewriting Eq. 2: 
∆Dvapor-melt = ∆Dvapor-H2O* + (1 – YH2O* ) × ( ∆Dv-OH* − ∆Dv-H2O*) [12] 
with ∆Dv-OH* = 35.0 + 16.7×106/T 2 (cf. Eq. 6), ∆Dv-H2O* =  –29.9 + 16.7×10
6/T 2  (cf. Eq. 7) 
and YH2O* = XH2O* /Xw = [1 - XOH* /2] / Xw. 
The temperature dependence of hydrogen isotope fractionation between vapor and melt 
(∆Dvapor-melt) with total water content in the melt is rather small (Fig. 3) and insignificant for a 
large range of temperatures and water contents in natural systems. A temperature independent 
relation that approximates ∆Dvapor-melt can be expressed as follows: 
∆Dvapor-melt (‰) = 44.53 × (CH2O /7.03 + 1)
–1.2
  [13] 
where CH2O is the total water concentration of the melt in wt.%. For a temperature range of 900 
to 1250°C, this equation predicts ∆Dvapor-melt within 1‰ at 1-7 wt.% H2O, and within 2.5‰ at 
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less than 1 wt.% H2O. If higher precision is needed Eq. 12 should be used. 
The fractionation factor α can be calculated using the formula 
 αv-m = 1 + [∆Dvapor-melt / (δDmelt +1000)] [14] 
The approximations ∆Dvapor-melt ≈ 103 ln αv-m and δDmelt = 0‰ that are commonly used in 
other stable isotope systems leads to significant deviations for the large fractionations 
associated with water contents common in magmatic systems.  
2.4.2. Degassing models 
From the bulk fractionation factor α and δDmelt, the δD value of the exsolving vapor phase 
can be calculated from: 
103 ln αvapor-melt = 1000 × [ ln (1 + δDvapor / 1000) – ln (1 + δDmelt / 1000) ]  [15] 
(Taylor, 1986), which can be rearranged to 
δDvapor = αvapor-melt × (1000 + δDmelt ) – 1000 [16] 
The δD value of the melt after a fraction (1–F ) of vapor has been removed with 
continuous isotopic re-equilibration between the fluid phase and the melt (closed-system vapor 
separation) is described by: 
δDmelt = δDi – (1 – F ) × 1000 ln α (Taylor, 1986) [17] 
where δDi is the initial hydrogen isotopic composition of the melt, and F is the fraction of 
water remaining dissolved in the melt. The maximum isotopic shift of the residual magma upon 
vapor exsolution is, in this case, limited to the fractionation between the vapor and the melt 
phase (in permil).  
The δD value of the melt during open-system vapor separation, when exsolving 
equilibrium vapor is instantaneously removed from the melt without further isotopic re-
equilibration, is formulated as:  
δDmelt = δDi – (1000 + δDi) × (1 – F α –1 ) (Taylor, 1986) [18] 
The approximation δDi = 0‰ would lead to significant inaccuracies of more than 5‰ in 
calculation of δDmelt if δDi is substantially different from zero (Taylor, 1986) (e.g., >5‰ for F 
= 0.1 with δDi = -70‰), as is common to many magmas. 
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2.4.3 Applicability and model evaluation 
Since the relative amounts of molecular water and hydroxyl groups vary with the total 
amount of dissolved water (and thus with F ), the bulk fractionation factor α changes as 
degassing progresses. For closed-system degassing the calculated fractionation factor for the 
water content of the residual melt corresponding to the chosen extent of degassing can be used. 
In contrast, during open-system degassing, vapor exsolves with an instantaneous δD value 
determined by the progressively changing melt-vapor fractionation factor at the moment of 
separation from the melt. Throughout degassing, vapor and melt change in hydrogen isotope 
composition, and their δD values can be estimated by modeling small incremental steps of 
water exsolution.  
The hydrogen isotope compositions of vapor and melt, at any given point in the degassing 
scenario, not only depend on the fraction of vapor lost, but also on the initial water 
concentration. The effects of progressively changing fractionation factors during magma 
degassing, as detailed in our model described above, are illustrated in Fig. 4. For comparison, 
the changes in δDmelt using initial and final fractionation factors (at the start and at the end of 
degassing, respectively) have been indicated as well. The model curves for progressively 
changing fractionation factors lie between these extremes. 
To make conclusions about degassing processes based on hydrogen isotope data we need to 
evaluate its sensitivity to input variables (P, T, water content) and external factors (e.g., gas 
composition). These variables may have different influences for the two end-member degassing 
modes.  
Uncertainties in the model related to the lack of water speciation data for basaltic melts appears 
to be limited. When we use speciation data for andesite (Botcharnikov et al., 2006) to derive 
values for ∆Dv-OH* and ∆Dv-H2O*, the effect on δDmelt is within 2‰ over the whole degassing 
range (1-6 wt.% H2O) for closed as well as open-system degassing. The reason for this small 
effect is that most of degassing takes place at low water contents, when most water is dissolved 
as OH*, and the value of ∆Dv-OH* is well constrained by experimental data of Pineau et al. 
(1998). The same counts for the temperature dependence of ∆Dv-OH* and ∆Dv-H2O*, which are 
now assumed to be similar to rhyolite. If we take the temperature of albite melt (Dobson et al., 
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1989), which has a stronger temperature dependence close to that of mineral-vapor data, the 
maximum deviation of δDmelt is only 1‰. We therefore conclude that despite the uncertainties 
in extrapolation low-temperature water speciation data from rhyolites to high-temperature 
basalts, the effect on degassing models is comparable to uncertainty of δD measurements.  
Larger uncertainties arise from estimates of initial water contents and δDmelt values. For closed 
system degassing, differences in initial water contents result in relatively small differences of 
<5‰ in samples that are degassed to <1 wt.% water (Fig. 4). Differences in hydrogen isotope 
composition therefore dominantly reflect differences in initial composition. For open-system 
degassing no such inference can be made. Increasing the water content by a factor two has a 
similar effect as a lower initial isotopic composition of ca. 15‰ (Fig. 4).  
The CO2 content of the melt has an important effect on water solubility, and the presence of 
CO2 will increase the pressure at which water will start to exsolve from the melt. However, the 
speciation of water is pressure independent at P<10 kbar and the presence of CO2 does not 
affect ∆Dv-m or any of the modeling results presented above. 
Temperature effects on δDmelt values are negligible above 900°C due to the counteracting 
effects of temperature on water speciation and ∆Dv-OH* and ∆Dv-H2O* (see Section 2.4.1 and 
Fig. 3). 
 
3. Hydrogen and oxygen isotope systematics of Indonesian basalts 
The degassing history of volcanic material is important to estimate isotopic shifts during 
degassing, e.g., when primary isotopic signals are being studied (e.g., Gerlach and Taylor, 
1990; Aubaud et al., 2005; De Hoog et al., 2001) or the influence of meteoric water is 
evaluated (e.g., Taylor et al., 1983). In addition, the style of degassing plays an important role 
in fractionating different volatiles relative to each other, which needs to be evaluated for 
correct interpretation of temporal changes in volcanic gases (e.g., Burton et al., 2007).  
Here we present new hydrogen and oxygen isotope data of basalts from the Indonesian arc 
system. The results will be discussed in terms of degassing characteristics of basaltic magmas 
and the origin and isotopic identity of magmatic water, applying the hydrogen fractionation 
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model developed in Section 2. 
3.1. Sample description  
Samples were collected from seven volcanoes along the Sunda and Sangihe arcs in 
Indonesia (Fig. 5), which have been described in detail in De Hoog et al. (2001) and 
Hoogewerff (1999). With the exception of one air-fall tephra (Boleng, sample 34-8), all 
samples are from subaerial lavas. The samples represent recently erupted products; those from 
Batur, Rinjani, Krakatau and Soputan were erupted within the last two centuries. Two samples 
from each volcano were analyzed for hydrogen isotopes, except for Soputan and Batur, from 
which 8 and 10 samples were collected, respectively, to detect possible within-suite 
systematics. A single sample was analyzed from Krakatau. The samples are fresh, with no 
visible signs of alteration, are glassy, and contain 15-30 modal% phenocrysts consisting of 
olivine, clinopyroxene and plagioclase, occasionally accompanied by magnetite and 
orthopyroxene. Hydrous minerals are virtually absent. Chemical compositions range from 
basaltic to basaltic-andesite (49-57 wt.% SiO2) and from low to high-K. 
3.2. Analytical methods 
Hydrogen isotope compositions were determined on powdered whole-rock samples. About 
1 g of powder was degassed overnight at 150°C under vacuum, prior to extraction using a 
uranium reduction method similar to that of Bigeleisen et al. (1952). Measured δD values were 
normalized to a VSMOW-SLAP scale, which accounts for H+3 correction and for scale 
expansion. The H2O content of each sample was determined from the manometrically 
measured yield of H2 released during the hydrogen extraction technique. The uncertainty of 
reported values of δDVSMOW is ca. 2‰, and the uncertainty of H2O contents is ca. 0.02 wt.%. 
Oxygen isotope analysis of whole-rock samples was carried out following a procedure 
similar to that of Clayton and Mayeda (1963), in which oxygen is extracted from rock powder 
by reaction with BrF5. The uncertainty in reported values of δ18OVSMOW is ± 0.2‰. Our 
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average value of δ18O for NBS-28 quartz of +9.5±0.2‰ is within analytical precision of the 
recommended value of 9.66‰. 
3.3. Results 
3.3.1. Hydrogen isotope compositions and water contents 
Whole-rock δD values show a wide range, from -109 to -57‰, but most values fall 
between -100 and -80‰, and average -89‰ (Table 1). Averages of the larger sample sets from 
Batur (-92±6‰) and Soputan (-88±6‰) do not differ significantly from the overall average. 
Large ranges of δD values from degassed lavas and dikes have been previously reported in the 
literature (-125 to -45‰; Taylor et al., 1983; Newman et al., 1988; Anderson and Fink, 1989; 
Kusakabe et al., 1999). 
Water concentrations of whole-rock samples, calculated from the amount of H2 released 
during isotope analysis, are generally lower than 0.20 wt.% and average  at 0.15 wt.%. Two 
samples contain 0.5-0.6 wt.% water. One is a glassy tephra (34-8) sample from Boleng that also 
has a relatively high sulfur content of 150 ppm (De Hoog et al., 2001), which suggests that the 
melt was quenched before degassing was completed. The other water-rich sample is lava from 
Werung (sample 23-5). δD values do not vary with wt.% H2O in a systematic way, although 
values with the highest water contents tend to have slightly higher (less negative) δD values 
(Fig. 6).  
3.3.2. Oxygen isotope systematics 
Whole-rock δ18O values exhibit a small range of +5.3 to +6.7‰, with almost 90% of the 
samples between +5.5 and +6.3‰. Averages of Batur (+5.8±0.3‰) and Soputan (+5.8±0.2‰) 
do not differ significantly from the overall average (+5.9±0.3‰). Values are slightly higher 
than δ18O values for MORB (+5.7 ± 0.2‰, Harmon and Hoefs, 1995), and are in the same 
range as basaltic to andesitic volcanic bombs from the 1982-83 Galunggung (Java) eruptions 
(+5.5 to +6.4‰; Harmon and Gerbe, 1993), and basaltic to andesitic lavas from the Banda Arc 
that are unaffected by crustal assimilation (+5.6 to +6.5‰; Vroon et al., 2001). Considerable 
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variations exist in whole-rock δ18O values of both oceanic and continental intraplate basalts as 
well as in arcs (Harmon and Hoefs, 1995). Our whole-rock values compare also well with the 
range of arc basalts determined by laser-fluorination measurements of phenocryst (+5.5 to 
+6.5‰, Eiler et al., 2000; Vroon et al., 2001). 
δ18O values do not vary systematically with H2O contents of the samples, and only a very 
weak positive correlation exists between δ18O and δD (Fig. 7). Alteration by meteoric fluids 
would increase the δD values, but would be accompanied by an increase of δ18O as well. From 
the absence of a strong correlation we conclude that the measured δD and δ18O values reflect 
magmatic signatures that were not significantly altered by secondary processes. 
Lavas from Batur that were erupted successively in 1904, 1905 and 1926 are distinctly 
higher in both δ18O and δD relative to other Batur samples, and are also characterized by low 
contents of SiO2, K2O and incompatible trace elements such as Ba, Sr and Zr compared to 
lavas erupted before and after this period. The comparatively higher δ18O values are 
inconsistent with crystal fractionation from isotopically similar magmas, as this would result in 
higher δ18O at increasing SiO2 content (Fig. 8). These lavas were most likely derived from 
separate magma batches, in agreement with observations of Rubin et al. (1989), who invoked 
the existence of several endmember magmas of different ages and compositions to explain 
variations in 226Ra/230Th of the lavas. 
4. Discussion 
4.1. Degassing history of Indonesian arc volcanoes 
Water contents of primitive arc magmas vary widely, from values as low as 0.3 wt.% for 
magmas erupted at Galunggung, Indonesia (Sisson and Bronto, 1998) to 6.6 wt.% for Fuego, 
Guatemala (Sisson and Layne, 1993). Sisson and Grove (1993) and Sobolev and Chaussidon 
(1996) derived average values of primary water contents of arc magmas between 2 and 4.5 
wt.%, and a similar value was obtained in a compilation by Wallace (2005). Parental melts of 
Batur were estimated to be between 1 and 3 wt.% (Reubi and Nicholls, 2004). Hence, the low 
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whole-rock water content of our samples indicates that substantial amounts of water have been 
lost during degassing, which implies that measured δD values are not those of the original, 
undegassed parental magmas. Fig. 6 shows calculated δD trends corresponding to the 
degassing of magmas with various initial δD values and 3-5 wt% H2O. 
δD values of two samples (Boleng 34-14 and Werung 23-5; Fig. 6) can be explained by 
closed-system degassing of a magma with an initial δD value of -30 to -25‰, a value 
insensitive to  the initial water content (Section 2.4). However, δD signatures of the remaining 
samples would be consistent with closed-system degassing only if initial δD values were lower 
than -50‰, much lower than typical values of -25 to -40‰ for arc magmas (Giggenbach, 1992; 
Taylor, 1992; Taran et al., 1997; Pineau et al., 1999; Shaw et al., 2008), or if initial water 
contents were uncommonly high (>6 wt.%). Within-suite variations from Soputan are also 
inconsistent with closed-system degassing. The sample suite from Soputan spans a short time 
interval of about 100 years, the lavas show little variation in chemical composition and were 
erupted during successive events when activity styles remained fairly constant. Therefore, 
variations in initial δD values and water contents were probably minor and observed within-
suite variations in δD values are largely the result of degassing. A rather wide range of δD 
values is accompanied by moderate variations in H2O contents (Fig. 6), which is the opposite 
of which would be observed if degassing had occurred under closed-system conditions.  
Open-system degassing results in large isotope shifts in the residual melt. The observed δD 
signatures of several samples could have been generated by open-system degassing and a 
minimum initial δD value of -25‰ in combination with initial H2O contents of less than 3 
wt.%. However, for most samples initial δD values close to 0‰ would be required, which is 
unrealistically high. It is possible that initial water contents were lower, e.g., 1 wt.% (requiring 
δD = -55‰). Basalts with such low water contents are known from Galunggung, Indonesia 
(Sisson and Bronto, 1998) and Medicine Lake, California (Sisson and Layne, 1993), but are the 
exception rather than the rule for arc basalts (e.g., Sisson and Grove, 1993; Sobolev and 
Chaussidon, 1996; Wallace, 2005). Higher initial water contents would require even higher 
initial δD. Single-stage open-system degassing alone is therefore unlikely to be responsible for 
the observed variations in H2O contents and δD values in most of the samples.  
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From these considerations we infer that consecutive stages of closed and open-system 
degassing constitute a plausible scenario for the isotopic evolution of most of the samples. 
Starting from initial δD values between -25 and -40‰, most water would be lost under closed-
system conditions, and only a very short stage of open-system degassing, starting between ca. 
0.35 and 0.7 wt.% H2O, would be required to explain our data (Fig. 6). The simplest such 
scenario might be one in which closed-system degassing proceeds in the melt during ascent to a 
summit holding chamber, followed by essentially open-system type degassing upon eruption. 
The depth at which the transition from closed to open-system degassing occurs can be 
estimated from the water content of the samples at that transition, together with the solubility-
pressure relationship of mixed H2O-CO2 fluids. Using melt H2O contents of 0.35-0.7 wt.% and 
plausible estimates of δDi (-40 to -25‰) and melt CO2 contents (10-100 ppm), we derive 
pressures between 15 and 260 bar for the transition from closed to open-system degassing 
(calculated using VolatileCalc; Newman and Lowenstern, 2002). These low pressures represent 
depths of several tens to hundreds of meters. Despite the large uncertainties in initial 
conditions, the conclusion that open-system degassing is syn-eruptive is robust as initial 
conditions that would lead to pressures compatible with those in shallow magma chambers (>1 
kbar), such as δDi ≥ -10‰ or CO2 > 400 ppm at the transition to open-system degassing, are 
considered uncommon (e.g., Giggenbach, 1992; Holloway and Blank, 2004; Wallace, 2005).  
In summary, initial water saturation would have occurred upon depressurization during 
ascent in which water remained trapped in the melt as bubbles until equilibrating at the 
pressure of the holding chamber. During ascent the exsolving vapor phase maintained 
continuous equilibrium with the magma until separation and loss from the magma residing in 
the holding chamber. Subsequently, upon eruption, vapor would have been removed 
immediately with little or no isotopic re-equilibration, as evidenced by open-system degassing 
isotope characteristics. The gas could have been lost to the atmosphere, but open-system 
behavior can also results from cooling of the magma, which prevents diffusive re-equilibration 
between water in vesicles and that dissolved in the melt.  
A dominant role for closed-system degassing has previously been reported for other 
basaltic to basaltic-andesitic systems. In a carbon isotope study of gases from Kilauea, Hawaii, 
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Gerlach and Taylor (1990) concluded that degassing occurred in two stages, an early deep 
stage and a reservoir-equilibrated stage, both characterized by batch-equilibrium. Degassing at 
Irazú Volcano (Costa Rica) took place in similar fashion, as melt inclusion H2O-CO2 data 
define a closed-system degassing trend (Benjamin et al., 2007). Degassing was continuous 
during magma ascent. Volcanic gas data from Stromboli (Italy), representing different styles of 
eruption, indicate deep closed-system degassing and a transition to open-system degassing at 
shallow depths where convective overturn of the magma releases the gases (Burton et al., 
2007). During larger eruptions, deeper gases with higher CO2/H2O ratios are sampled. 
Similarly, variations in C and H concentrations and isotopic ratios observed in vesicles from 
submarine lavas pointed to an initial stage of closed-system degassing followed by late-stage 
open-system degassing (Aubaud et al., 2005). It thus appears that, in many basaltic volcanic 
systems, exsolved volatiles do not separate from the melt but remain in diffusive equilibrium 
during ascent, and the Indonesian arc volcanoes in this study are no exception.  
4.2. Initial δD values 
The δD value of the upper mantle is estimated to be between -70 and -90‰, based on data 
from primary submarine basalts (around -80‰; Kyser and O’Neill, 1984), obsidians from 
oceanic islands (-80±4‰; Sheppard and Harris, 1985), and hydrous minerals in mantle 
xenoliths (mostly -95 to -65‰ but -125‰ for Hawaii; Deloule et al., 1991). In contrast, arc 
magmas are generally enriched in D (δD = -45 to -25‰; Taylor, 1986, 1992, Giggenbach, 
1992; Taran et al., 1997; Pineau et al., 1999, Kusakabe et al., 1999; Shaw et al., 2008), as are 
high-temperature magmatic gases in arcs (Allard, 1983; Viglino et al., 1985; Taylor, 1986). 
These isotopic signatures of arc magmas are generally attributed to a D-enriched slab-derived 
component (Poreda, 1985; Giggenbach, 1992; Taylor, 1992; Taran et al., 1997; Shaw et al., 
2008). Possible sources of water include subducted altered oceanic crust, which has an 
estimated δD value of -60 to -40‰, based on the composition of eclogitized metagabbros from 
the Alps and Cyclades (Nadeau et al., 1993; Putlitz et al., 2000), and subducted sediments, 
which have δD values around -30‰ (Giggenbach, 1992). As ‘pre-subduction’ mantle contains 
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little water (80-330 ppm; Sobolev and Chaussidon, 1996), the δD values of arc magma sources 
will be dominated by slab-derived fluids.  
As the samples here are strongly degassed we cannot estimate the initial δD values of 
Indonesian magmas precisely, nor can we detect any significant differences between individual 
volcanic centers. The values obtained in this study are, however, consistent with a supra-
subduction zone mantle enriched in D, as even the degassing scenario with the most limited 
isotopic shift still requires initial δD values of around -50‰. The presence of a slab-derived 
fluid component in Indonesian arc magmas is consistent with sulfur isotope data obtained on 
the same samples, which also suggest such a contribution (De Hoog et al., 2001). 
Considering individual volcanic centers in more detail, we observe that the two samples 
from Boleng can be modeled with a single value for the initial water content and δD, but with 
contrasting degassing styles (open and closed, respectively, Fig. 6). However, the sample with 
the open-degassing style has the higher water content, which contradicts our findings that pre-
eruptive degassing is mostly closed-system. A similar observation can be made for the two 
samples from Werung. An alternative interpretation is that all samples were degassed mostly 
under closed-system conditions but with variable initial δD contents.  
The samples from Batur can be divided into two groups with different δ18O values (Fig. 7). 
The group with higher δ18O values also has higher δD values, whereas their water contents are 
similar. The correlation is surprising as δ18O is a primary feature of the magmas, whereas δD is 
largely controlled by the amount and style of degassing. The result could be fortuitous, the 
high-δ18O samples being slightly less degassed than the others. More likely, the high δ18O 
samples may have had higher initial δD values, which points to a larger influence of the 
subduction component in these samples, as both high δ18O and δD values are signatures of the 
subducted slab component (Giggenbach, 1992; Eiler et al., 2000). 
5. Conclusions 
We developed a model for hydrogen isotope changes in degassing magma that takes the 
variation of water species with water content and temperature into account. In combination 
with existing experimental data, we infer that the fractionations between OH* and H2O in 
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hydrous melt and exsolved vapor (H2O) can be expressed as 103 ln αOH* for basalts is 
35.0 + 16.7×106/T 2 and 103 ln αH2O* is -29.9 + 16.7×10
6/T 2, respectively. The influence of 
temperature on the bulk fractionation factor is of minor importance under magmatic conditions. 
Whole-rock hydrogen isotope compositions of basalts and basaltic andesites from 
Indonesian arc volcanoes range between -109 and -57‰, although most values fall between 
-100 and -80‰. We infer a two-stage degassing scenario, whereby, during ascent to and 
storage in a shallow reservoir, degassing proceeds under closed-system conditions, while 
subsequent eruptive degassing is characterized by open-system behavior. Our data point to the 
presence of predominantly slab-derived water in the sources of Indonesian magmas, consistent 
with inferences for other arc systems. Considering the limited spread in observed δD values, 
degassing mechanisms in the investigated basaltic volcanic centers are remarkably uniform.  
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Figure captions 
Fig. 1 Variation of COH* and CH2O* (in wt.%) with total water concentration (in wt.%) at 500, 
800 and 1100°C in rhyolitic melt calculated for ideal and regular solution models using 
fit parameters by Ihinger et al. (1997).  
Fig. 2 Plot of 103 ln α against T -2 for various hydrous minerals (closed triangles) and water-
poor feldspathic and rhyolitic glasses (obsidian: closed diamonds; after Dobson et al., 
1989). The lines for basaltic to andesitic melts derived from our fractionation model  are 
shown separately for water dissolved as OH* and H2O* (Eq. 6 and 7, respectively). 
Also plotted are data from Pineau et al. (1998) (half filled circles) for basaltic andesite 
including respective water contents. 103 ln αv-m decreases with increasing water content 
because of the relative increase of H2O* at the expense of OH*. The open circle 
indicates the value of 103 ln αv-m for a hypothetical water content of 0 wt% H2O, 
extrapolated from the data of Pineau et al. (1998) to calculate αvapor-OH*. The small 
open square represents melt-rhyolite fractionation factor from an experiment by Taylor 
and Westrich (1985) at 50 MPa, equivalent to ca. 2.3 wt.% water.  
Fig. 3 Variation of ∆Dvapor-melt (‰) with total water content (in wt.%) derived from 
experimental data of Pineau et al. (1998) for basaltic andesite melt at 1250°C (open 
diamonds) and the water speciation model by Ihinger et al. (1999). These data have 
been used to derive values for αvapor-H2O* and αvapor-OH* of 0.9775 and 1.0431, 
respectively. Note that a value of αvapor-H2O* = 1 does not fit the experimental data of 
Pineau et al. (1998). Also indicated are curves for 950°C and our simplified 
temperature-independent model (Eq. 13), showing that temperature effects on 
∆Dvapor-melt are relatively small. 
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Fig. 4 Open and closed-system degassing model curves for constant (dashed lines) and 
variable fractionation factors according to our hydrogen fractionation model 
(continuous lines) in a δD (‰) - log H2O (wt.%) diagram for an initial water content of 
the melt of 5 wt.%. Values of constant vapor melt isotopic fractionation factors are 
indicated with numbers, the variable fractionation factors vary between the two 
indicated extremes. The set of open-system degassing curves represents different 
temperatures (900-1250°C), but are virtually indistinguishable. Dotted lines show the 
effect of lower initial water content of 2 wt.% on the degassing curves. 
Fig. 5 Tectonic map of the Indonesian arc system (after Hamilton, 1979) indicating the 
locations of seven volcanoes investigated in this study.  
Fig. 6 δD (‰) - H2O (wt.%) variation diagram showing the compositions of the Indonesian 
samples and modeled degassing lines for open (dashed line), closed (continuous line) 
and two-stage degassing (dashed dotted line) for a range of initial conditions indicated 
by numbers (initial water content / initial δD values). Fractionation factors were 
calculated using the model presented in Section 2.4 (Eq. 12).  
Fig. 7 Variation of δD (‰) vs. δ18O (‰) of the Indonesian samples. Dashed ellipses indicate 
two groups for Batur that probably represent different magma batches with different 
initial δ18O and possibly δD values. Inset shows same diagram on expanded scale. Grey 
field represents “andesitic waters” from Giggenbach (1992). Straight dotted lines 
parallel to the meteoric water line indicate the composition of secondary minerals in 
equilibrium with meteoric water at increasingly lower temperatures from left to right. 
Local meteoric water data from IAEA (2001).  
Fig. 8 Variation diagram of SiO2 (wt.%) vs. δ18O (‰) for Indonesian arc basalts. The effects 
of fractional crystallization and low-T alteration (indicated by arrows) are small in these 
samples. Note that the two groups of Batur samples (marked by dashed ellipses) cannot 
be related by fractional crystallization or low-T alteration, which suggests that they 
originate from different magma batches. 
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Table 1. Sample descriptions, whole-rock SiO2 and K2O contents, loss on ignition (LOI), water 
contents and H, O isotope compositions of samples from this study 
 
volcano  sample       eruption description SiO2 K2O LOI H2O δD δ18O 
   date   wt% wt% wt% wt% ‰ ‰ 
Krakatau KR1 1995 scoria bomb 55.1 0.97 0.0 0.17 -98 +5.4 
Guntur  GU3 historic lava flow 51.6 0.53 -0.2 0.14 -85 +5.7 
 GU5-I a historic lava flow 56.5 1.23 0.0 0.12 -109 +6.3 
 GU5-II a      0.13 -101 +5.9 
Batur  BR2 1904 lava flow 51.9 1.01 -0.2 0.18 -83 +6.2 
 BR3 1974 lava flow 53.1 1.18 -0.2 0.15 -99 +5.7 
 BR4 1963 lava flow 53.5 1.20 -0.1 0.14 -93 +5.7 
 BR5 b 1994 scoria bomb 53.3 1.23 -0.2 0.14 -100 +5.9 
 BR7 1926 lava flow 51.7 1.01 -0.2 0.16 -88 +6.1 
 BR8 1905 lava flow 51.4 0.94 -0.2 0.15 -80 +6.2 
 BR9 1968 lava flow 53.2 1.19 -0.2 0.13 -94 +5.5 
 BR10 1888 lava flow 54.4 1.29 -0.1 0.18 -90 +5.5 
 BR11 1849 lava flow 54.4 1.32 -0.1 0.18 -96 +5.7 
 BR12 b 1994 scoria bomb 53.5 1.23 -0.3 0.12 -94 +5.8 
Rinjani  RI3.1 c 1943 blocky lava flow 54.5 1.78 0.0 0.12 -101 +6.5 
 RI3.2 c 1943 blocky lava flow 54.0 1.71 0.0 0.14 -101 +6.1 
Boleng  34-8 historic pumice fall 53.1 1.47 0.3 0.57 -74 +6.0 
 34-14 historic lava flow 50.3 1.49 -0.3 0.24 -57 +6.3 
Werung  23-2 historic lava flow 53.0 0.41 -0.3 0.08 -64 n.a. 
 23-5 historic lava flow 51.5 0.31 0.6 0.55 -61 +6.7 
Lewotolo  17-3 historic lava flow 47.2 1.46 -0.2 0.08 -92 +5.3 
 17-4 historic lava flow 48.9 1.84 -0.1 0.05 -98 +5.8 
Soputan SP1 ~1900 lava flow 49.6 0.31 -0.5 0.11 -83 +5.7 
 SP2 ~1900 lava flow 49.4 0.31 -0.5 0.10 -84 +5.6 
 SP3 ~1900 lava flow 49.9 0.29 -0.5 0.07 -93 +5.5 
 SP4 ~1900 lava flow 50.3 0.29 -0.5 0.07 -87 +6.0 
 SP5 1994 dome lava 49.6 0.28 -0.6 0.05 -88 +5.6 
 SP6 1995 lava flow 49.8 0.29 -0.5 0.05 -84 +6.1 
 SP7 1994 dome lava 50.1 0.29 -0.5 0.05 -94 +6.0 
 SP13 1966 lava flow 50.6 0.30 -0.6 0.07 -98 +5.5 
Oxides and LOI in wt.%, normalized to 100 wt.%, analyzed by XRF. Major-element compositions and LOI of Boleng, 
Werung and Lewotolo samples from Hoogewerff (1999), others from De Hoog et al. (2001). δD in permil relative to 
V-SMOW, precision is 2‰. δ18O in permil relative to V-SMOW, precision is 0.2‰ a Two aliquots of the same powdered 
sample processed separately in Kiba extraction. b Two scoria bombs from same eruption. c Two samples from same flow 
sampled ten meters apart.  
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